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ABSTRACT8

The circulation response of the atmosphere to climate change-like thermal forcing is explored9

with a relatively simple, stratosphere-resolving General Circulation Model. The model is10

forced with highly idealized physics, but integrates the primitive equations at resolution11

comparable to comprehensive climate models. An imposed forcing mimics the warming in-12

duced by greenhouse gasses in the low-latitude upper troposphere. The forcing amplitude is13

progressively increased over a range comparable in magnitude to the warming projected by14

IPCC coupled climate model scenarios. For weak to moderate warming, the circulation re-15

sponse is remarkably similar to that found in comprehensive models: the Hadley cell widens16

and weakens, the tropospheric mid-latitude jets shift poleward, and the Brewer-Dobson Cir-17

culation (BDC) increases. However, when the warming of the tropical upper troposphere18

exceeds a critical threshold, approximately 5 K, an abrupt change of the atmospheric cir-19

culation is observed. In the troposphere, the extratropical eddy-driven jet jumps poleward20

nearly 10 degrees. In the stratosphere, the polar vortex intensifies and the BDC weakens as21

the intraseasonal coupling between the troposphere and the stratosphere shuts down. The22

key result of this study is that an abrupt climate transition can be effected by changes in23

atmospheric dynamics alone, without need for the strong nonlinearities typically associated24

with physical parameterizations. It is verified that the abrupt climate shift reported here is25

not an artifact of the model’s resolution or numerics.26
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1. Introduction27

Climate models predict that there will be a substantial warming of the Earth’s atmo-28

sphere by the end of the 21st century, accompanied by significant changes in the general29

circulation of the troposphere and stratosphere, if anthropogenic greenhouse gas (GHG)30

emissions are not abated. Coupled atmosphere-ocean climate models project that the tropo-31

spheric extratropical jets will shift poleward (e.g., Yin 2005; Miller et al. 2006), accompanied32

by an expansion of the tropical Hadley cells both poleward and upward (e.g., Frierson et al.33

2007; Lu et al. 2008). In the stratosphere, Chemistry-Climate Models project an acceler-34

ation of the Brewer-Dobson circulation (BDC) (e.g., Butchart et al. 2006; Li et al. 2008;35

McLandress and Shepherd 2009b) with the potential to substantially change the distribu-36

tion of ozone by the end of the century (Shepherd 2008). Recent circulation trends in the37

stratosphere are arguably less certain in the observations (e.g. Engel et al. 2009; Garcia38

et al. 2011), but small tropospheric trends have already been observed (e.g Hu and Fu 2007;39

Seidel and Randel 2007). Overall, most climate projections suggest a continuation or gentle40

acceleration of current warming and circulation trends.41

We have learned from studying the Earth’s climate record, however, that climate change42

in the past has sometimes been more erratic and abrupt (e.g., Seager and Battisti 2006; Alley43

2007; Clement and Peterson 2008). Integrations with highly truncated climate models, so-44

called Earth System Models of Intermediate Complexity (EMICs), have demonstrated cases45

when the climate’s sensitivity to external forcing changes suddenly (e.g. Ganopolski and46

Rahmstorf 2001; Claussen et al. 2002; Weber 2010). Such regime transitions have not been47

as readily observed in most comprehensive climate models, such as those evaluated in the48
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Intergovernmental Panel on Climate Change Fourth Assessment Report (IPCC AR4). It49

is possible that comprehensive models have been overly constrained to match the recent50

climate record. On the other hand, the regime behavior found in EMICs could be influenced51

by their severe truncation; in dynamical systems, increasing the available degrees of freedom52

often leads to the loss of regimes.53

In this study, we investigate the potential for abrupt changes in the atmospheric circula-54

tion with a simplified Atmospheric General Circulation Model (AGCM). Complementary to55

EMICs, which attempt to parameterize all of the important physical processes in the Earth56

system, but poorly represent atmospheric dynamics, our AGCM is forced with highly ide-57

alized physics, but its numerical resolution is comparable to, or even exceeds that of many58

comprehensive GCMs. While the simplified physics clearly prevents us from independently59

predicting future climate, it enables us to attribute circulation changes to specific forcings60

inferred from comprehensive integrations. In this paper, we carefully confirm that many61

of the circulation changes through the depth of the atmosphere predicted by comprehen-62

sive GCMs can be understood as the dynamical response to warming of the tropical upper63

troposphere, as hinted by Eichelberger and Hartmann (2005) and explored by Butler et al.64

(2010). More importantly, the simplified nature of our model physics allows us to explore65

the atmospheric response as a function of the forcing amplitude over a wide range, thereby66

demonstrating the potential for abrupt climate transitions due to a change in atmospheric67

circulation regimes. Our results highlight the possibility of abrupt climate change arising68

out of nonlinear atmospheric dynamics (e.g. Corti et al. 1999), as opposed to the nonlinear69

climate physics emphasized by EMICs, and we verify that these results are not an artifact70

of numerical truncation.71
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Butler et al. (2010) demonstrated that AGCMs with idealized physics can be used to72

study climate change. Increased GHG loading causes the upper troposphere to warm more73

than the surface due to the lapse rate feedback, a result of the exponential increase in74

saturation water vapor pressure with temperature. This temperature dependence also causes75

the lapse rate feedback to be strongest in the tropics, increasing the meridional temperature76

gradient in the upper troposphere. As the dry circulation depends primarily on the gradients77

of temperature, Butler et al. (2010) showed that these effects could be approximated in a dry78

GCM by prescribing a simple heating in the tropical upper troposphere. They found that the79

resulting circulation response captured key aspects of the changes found in comprehensive80

models, including the expansion of the tropics and the poleward shift of the extratropical81

jets. In the stratosphere, however, the BDC in their model weakens as a result of climate82

change, in contrast to Chemistry Climate Model predictions. Another study by Eichelberger83

and Hartmann (2005) with a similar idealized GCM, but slightly different forcings, found84

that BDC strengthens in response to tropical warming.85

Here, we extend and reconcile these results by building upon the model of Gerber86

and Polvani (2009), a dry primitive equation model on the sphere designed to capture87

stratosphere-troposphere coupling. We prescribe a tropical heating as in Butler et al. (2010)88

to mimic climate change, but its strength is systematically varied over a wide range. This89

procedure reveals an abrupt transition when the tropical warming exceeds a certain thresh-90

old; trends in both the troposphere and stratosphere change abruptly, some reversing sign.91

This abrupt transition is particularly clear in the stratosphere, where it leads to substantial92

weakening of its coupling with the troposphere. Before the transition, the BDC strengthens,93

as in Eichelberger and Hartmann (2005); after the transition, in the warming regime ana-94
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lyzed by Butler et al. (2010), the circulation is much reduced. As the Gerber and Polvani95

(2009) model captures the coupling between the stratosphere and troposphere on both in-96

traseasonal and climatological time scales, we also probe changes in the internal variability97

with climate change, and find similar abrupt transitions in the unforced variability, such as98

in the frequency of Stratospheric Sudden Warmings (SSWs).99

The paper is organized as follows. We document the model and our methodology in100

Section 2, and then illustrate the reference climatology and the response to tropical warming101

perturbations in Section 3. Section 4 highlights the abrupt transition in the atmospheric102

circulation precipitated by increased GHG-like induced warming, and Section 5 focuses on103

the response of the stratosphere and its coupling with the troposphere. We discuss the104

importance of regime behavior to the abrupt climate response in Section 6, and establish105

the robustness of our results to model numerics and our treatment of gravity wave forcing106

in Section 7. Lastly, we present our conclusions in Section 8.107

2. Model and Methodology108

The primary atmospheric GCM used in this study integrates the dry primitive equations109

on the sphere with a pseudo-spectral numerical scheme. The code was developed by the110

Geophysical Fluid Dynamics Laboratory (GFDL). It is run with perpetual January condi-111

tions, maintained by Newtonian relaxation to a prescribed temperature equilibrium profile,112

and Rayleigh drag at the surface and upper boundary that approximate surface friction and113

gravity wave drag, respectively, as described in detail by Polvani and Kushner (2002). Its114

tropospheric forcing is identical to that proposed by Held and Suarez (1994), except for a115
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factor to introduce inter-hemispheric asymmetry consistent with the solstice. We focus on116

the Northern Hemisphere (NH) winter, as this is the period of maximal coupling between117

the troposphere and stratosphere on intraseasonal time scales. In the reference integration118

(hereafter REF), planetary waves are forced with a simple zonal wavenumber 2 topography119

of maximum amplitude 3000 m, located between 25oN and 65oN, and the polar stratospheric120

vortex temperature is relaxed to a profile with lapse rate γ = 4 K/km to produce realis-121

tic stratospheric coupling on intraseasonal time scales. This is the configuration analyzed122

by Gerber and Polvani (2009, their integration 9) and Gerber et al. (2009) that exhibits123

the most realistic NH-like variability in terms of the frequency of SSWs and the downward124

coupling of the Northern Annular Mode (NAM).125

To establish the robustness of the results, most integrations are performed at three res-126

olutions. Triangular truncation at wave number 42 with 40 σ = p/ps (where p and ps are127

pressure and surface pressure, respectively) levels in the vertical, denoted T42L40, is the128

resolution used most extensively in Gerber and Polvani (2009). The 40 vertical levels are129

spaced roughly evenly in height with a model top above 1 Pa. The sensitivity to vertical130

resolution is explored in integrations with 80 levels, T42L80. The levels are chosen with the131

scheme of Polvani and Kushner (2002), so that T42L80 has 40 levels identical to T42L40,132

with additional levels spaced in between each, and a comparable model top. In addition,133

T85L40 integrations were performed with the same vertical levels as T42L40, but twice the134

horizontal resolution. Our purpose for using different horizontal and vertical resolution is to135

examine to what extent our numerical results are robust. We do not seek numerical conver-136

gence, which is well beyond the scope of this study. For brevity, the three sets of integrations137

will be referred to as T42, L80, and T85 unless otherwise mentioned.138
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To approximate the impact of increased GHG concentrations on the atmospheric circula-

tion, we add to the REF configuration a heating centered in the tropical upper troposphere,

intended to mimic an enhanced tropical warming. The imposed heating is identical to that

in Butler et al. (2010):

H = H0 · exp

{

−

[

φ2

2× 0.42
+

(σ − 0.3)2

2× 0.112

]}

(1)

where H0 is the amplitude and φ is the latitude in radians. The half width of the forcing is139

approximately 27o in latitude. This heating is zonally symmetric, and its shape is illustrated140

by the shaded area in Fig. 1a. The amplitude of the imposed forcing, H0, is the key141

parameter to be explored in this study; our motivation is to understand to what degree142

the atmospheric circulation responds linearly to external forcing. We vary H0 from -0.1 to143

0.5 K/day for integrations with the three different combinations of horizontal and vertical144

resolutions, as listed in Table 1.145

In a moist atmosphere, the warming of the tropical upper-troposphere relative to surface146

and midlatitudes is governed by lapse rate constraints associated with moist convection.147

Thus, it is important not to view the warming in our dry model as a direct heating induced148

by GHGs, but rather as a response of a moist atmosphere to GHG induced surface warming,149

one that we approximate in our model with an otherwise unphysical heating.150

The time scales of the atmospheric circulation, in contrast to the ocean, are short relative151

to those associated with anthropogenic forcing. We can thus estimate the impact of climate152

forcing on the circulation in our idealized model by comparing the steady state responses153

to various levels of steady heating. All the experiments are integrated for 10,000 days, after154

300 days of spin up. Considering that these are perpetual January integrations, these are155
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equivalent to 120 years of winter seasons.156

3. Model Climatology and Response to Tropical Warm-157

ing158

The climatological temperature and zonal wind structure of our T42 REF integration159

are displayed in Fig. 1a and b. The tropospheric westerly jets are located near 40oS and160

30oN at 300 hPa, and the polar night jet in the winter stratosphere is located near 70oN. The161

amplitude and location of each are consistent with observations (e.g Peixoto and Oort 1992).162

The standard lapse rate tropopause is indicated by the dark line in (a). It is relatively low163

in the tropics, 190 hPa, because the model’s equilibrium temperature profile was optimized164

to capture the high latitude tropopause. In general, the tropical circulation of the model165

should be analyzed with caution, given the lack of moist processes.166

Fig. 1c illustrates the meridional overturning circulation, with linear pressure scaling to167

focus on the tropospheric flow. The meridional overturning cells are reasonably represented168

in REF, despite the model’s dry dynamics: the rising branch of the winter Hadley cell169

is centered near 10oS, and the stronger, winter hemisphere Ferrel cell spans from 21oN to170

51oN. Its amplitude, about 4×1010 kg s−1, is comparable to the observed value, but the171

winter Hadley cell’s transport of 11×1010 kg s−1 is substantially weaker than the 20×1010172

kg s−1 cell in observations (Peixoto and Oort 1992, their Fig. 7.13). The Brewer-Dobson173

Circulation, to be discussed in more detail in section 5, is shown in Fig. 1d. It is much174

stronger in the winter hemisphere than in the summer hemisphere, as observed.175
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To this climatology, we now add the tropical heating in equation (1), as illustrated by176

gray shading in Fig 1a. We first quantify the impact of the heating amplitude H0 on the177

tropical temperature. We define the mean temperature at the tropical tropopause, Tp, as the178

latitude-weighted mean between 25oS and 25oN at 190 hPa, and show its change relative to179

the REF integration, ∆Tp, in Figure 2. It varies linearly with the heating amplitude H0 in180

all integrations, irrespective of resolution. This linearity in the tropics is further confirmed181

by the spatial pattern of the temperature change, shown in Figure 3a and b. These panels182

show the latitude-height pattern of the temperature response to the imposed heating in two183

T42 integrations, one with weak warming of H0=0.05 K/day and one with strong warming184

of H0=0.5 K/day. These two integrations will be referred to as ‘WK’ and ‘ST’, and are185

marked by arrows in Fig. 2. Note that the contour intervals between the left and right186

panels differ by a factor of 10, corresponding to the ratio of the heating amplitudes H0=0.05187

and 0.5 K/day. The warming is mostly prominent around 200 hPa, just above the region188

of maximum heating, and the temperature response throughout the tropical troposphere189

is extremely linear with heating amplitude H0. In contrast, temperature changes in the190

stratosphere are of opposite sign, evidence of the regime transition in the extratropical191

circulation to be explored in the following sections.192

To relate our results to comprehensive GCMs, in all subsequent figures, we use the linear193

relationship between ∆Tp and H0 to identify all integrations by their tropical temperature194

response. For example, the weak and strong warming integrations in Fig. 3 correspond to195

∆Tp warming of 1.4 K and 13 K, respectively. Comprehensive GCMs in the Coupled Model196

Intercomparison Project, Phase 3 (CMIP3) scenario integrations indicate that the upper197

tropical troposphere warms by ∼ 5 K relative to surface temperature under the A1B and198
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A2 emissions scenarios by the end of the 21st century. We explore a range of warming of199

approximately 15 K, more extreme, but of comparable magnitude to the warming projected200

under plausible global warming scenarios.201

Next we consider the impact of heating on the zonal winds. Figure 3c and d show202

that the zonal wind response to tropical warming has a distinct dipolar pattern in the203

troposphere in both integrations. The pattern, to first order, characterizes a poleward shift204

of the tropospheric jet streams. The dipolar structure of the response fades away in the205

upper troposphere/lower stratosphere region near 200 hPa, where a simple acceleration of206

the tropospheric jet on its poleward flank is found. This net acceleration is associated with207

a temperature decrease in the high latitudes just above the tropopause, observed in both the208

weak an strong warming integrations in Fig. 3a and b. A similar temperature feature was209

noted by Butler et al. (2010), and we suspect it is the thermal signature associated with the210

jet shift.211

In the stratosphere, the dipolar structure of the wind response reappears, suggesting212

an acceleration and expansion of the stratospheric polar vortex. The response is highly213

nonlinear, however, as already noted in the temperature fields above. Significant nonlinearity214

also exists in the response of the near surface winds, as suggested by the shift in the zero215

contour, but is not readily visible in this figure, as the contour interval was chosen to illustrate216

the upper tropospheric and stratospheric response.217

The nonlinear response of the surface winds and stratospheric circulation suggests a218

change in the eddy-driven circulation. To emphasize that the mechanically driven circulation219

can respond very nonlinearly to an otherwise smooth increase in thermal forcing, we first220

establish the gradual response of the tropical, thermally driven circulation. As found by221
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Butler et al. (2010), the Hadley cell of the idealized GCM expands and weakens in response222

to the imposed heating. Here we extend their results and show that the amplitude of the223

response is linearly related with the heating. We quantify the change of the Hadley cell224

strength by plotting the difference in the total mass transport by the winter cell, as compared225

to the REF integration, in Fig. 4a. The change in its width is quantified in Fig. 4b by the226

shift of the zero value of the 500 hPa streamfunction. A linear fit indicates a 0.6-0.7 degree227

of latitude shift per degree K of upper troposphere warming. The expansion rate is not228

entirely linear with temperature, particularly for the “global cooling” experiments and the229

extreme warming cases (∆Tp > 10 K). The weakening of the Hadley cell also exhibits some230

weakly nonlinear behavior. Doubling the horizontal or vertical resolution has a small effect231

on the response, but the overall structure is robust.232

We compare the expansion of the Hadley cell in our model with two theoretical scaling233

laws. The first is the scaling argument based on the angular momentum conservation by234

Held and Hou (1980). They proposed that the extent of the Hadley cell for a nearly inviscid235

axisymmetric circulation should scale as236

ΦH = (
5gHt

3Ω2a2
∆h

θ0
)1/2, (2)237

where g=9.8 ms−2, a is the radius of the earth, Ω is the angular speed of the rotation of the238

earth, ∆h (approximately 70 K in the REF integration) is the equator to pole temperature239

difference, θ0 (300 K in REF) is the global mean temperature, and Ht is the height of240

the tropical tropopause estimated as Ht = −7500 × ln(PT/P0) (PT is the pressure at the241

tropopause, and P0 = 1000 hPa the surface pressure). The second scaling, proposed by Held242

(2000), argues that the width is set by the latitude at which the mean vertical shear makes243

11



the flow baroclinically unstable. Here the Hadley cell width is largely determined by the244

midlatitude eddies and scales as245

Φc ∼ (
gHet

Ω2a2
∆v

θ0
)1/4, (3)246

where Het is the latitude-weighted tropopause height between 20o and 40o, ∆v is the gross247

dry stability estimated as the difference in θ between the surface and tropopause in the248

subtropics (200-400N).249

Idealized modeling studies (e.g., Schneider 2004; Schneider and Walker 2006; Frierson250

et al. 2007) and a study based on IPCC AR4 models (Lu et al. 2008) suggest that the latter251

scaling, based on midlatitude eddy influence, better captures the expansion of the Hadley252

cell. This is confirmed in Fig. 5, which compares the estimated Hadley cell width based on253

the two theoretical arguments with values diagnosed from the integrations. The latitude of254

the poleward edge of the Hadley cell varies from 20oN to 40oN over the range considered.255

The scaling based on the angular momentum conservation and energy closure is relatively256

insensitive to the low-latitude warming, while the scaling based on the midlatitude eddies257

seems to be more qualitatively, if not entirely quantitatively, in line with the computed258

Hadley expansion. This confirms that momentum divergence associated with mid-latitude259

eddies exerts some control on the tropical Hadley circulation in our model.260

In summary then, the tropical response of our GCM to global warming-like heating is261

very similar to established predictions of climate change. This confirms the findings of Butler262

et al. (2010), who showed that the circulation response of idealized models to simple warming263

of the tropical upper-troposphere well approximates the response seen in comprehensive264

models. With this in hand, we now turn to the more surprising circulation changes in our265
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integrations.266

4. Abrupt Climate Change267

The nonlinear response of the stratospheric temperature and zonal winds, seen in Fig. 2,268

reflects the more complex behavior of the extratropical, eddy-driven circulation. To explore269

this nonlinearity, we show how the amplitude and structure of the high latitude circulation270

change as a function of the tropical warming ∆Tp. The dipolar pattern in the tropospheric271

wind response in Figs. 3c and d is associated with both a poleward shift and strengthening272

of the tropospheric jet. To differentiate these two effects, in Figure 6 we plot the latitude and273

strength of the jet maxima at three levels to characterize the response of the near surface,274

upper troposphere, and stratospheric jets. The upper and lower tropospheric westerlies shift275

poleward with increased warming, while the stratospheric polar jet broadens, forcing the276

maximum winds equatorward.277

A key result of this study is that the zonal mean winds at 850 hPa reveal a regime278

transition in the barotropic, eddy-driven circulation when the tropical warming exceeds279

approximately 5 K (Fig. 6a). The near surface wind maximum jumps poleward, and the280

trend in its amplitude suddenly reverses sign (Fig. 6b). The near surface jet maximum281

is located near 30oN in the REF integration, and slowly shifts poleward with increased282

warming until a dramatic 10o shift to 40oN, and then resumes its poleward march with283

increased warming. Before the transition, the wind maximum weakens slowly with increased284

warming; afterward, it increases rapidly with further warming. The exact transition point285

is somewhat sensitive to resolution, occurring slightly later in the T85 integrations, but the286
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regime change itself is robust.287

While the low level winds are important for coupling to the ocean and surface weather288

patterns, the 10o jump of the near surface wind maximum may overstate the circulation289

change. The weak curvature of the surface winds makes this metric quite sensitive to external290

perturbation (Baldwin 2003). It is thus important to consider the whole circulation. The291

shift of the westerly jet in the upper troposphere, shown in Fig. 6c, is by comparison292

fairly smooth. The latitude of the upper tropospheric jet depends primarily on temperature293

constraints associated with thermal wind balance. Thus the rapid movement of the surface294

winds associated with a shift in the eddy momentum convergence does not cause an abrupt295

shift in the upper level winds. The amplitude of the upper level jet, however, reflects the296

regime change in the eddy-driven circulation; as with the 850 hPa winds, the jet weakens297

slightly with increased warming until the 5 K threshold, after which point the winds begin298

to increase with additional warming. The trends of Umax at 300 hPa are consistent among299

different resolutions, although the absolute value of the T85 winds at this level are ∼2 ms−1
300

smaller than at T42.301

The regime transition is also readily apparent in the stratospheric winds, as shown in302

Figures 6 e and f. Initially the latitude of Umax at 10 hPa drifts very weakly, accompanied303

by little (if any) acceleration of the wind strength. Beyond the point of abrupt change,304

however, the latitude of Umax shifts from 70oN to 60oN, and the amplitude of the winds305

increase rapidly from 50-60 ms−1 in the reference integration to approximately 80 ms−1 in306

the integration with ∆Tp
∼= 13 K. As in earlier plots, the transition is delayed to warmer307

forcing levels in the T85 integrations, but the regime transition itself is robust.308

The stratospheric winds at 10 hPa are closely related to the temperature of the polar309
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vortex in the lower stratosphere by thermal wind balance, a stronger vortex corresponding to310

colder temperatures. This is confirmed by plotting the area weighted polar cap temperature311

Tcap averaged from 60o to 90oN at 50 hPa in Figure 7. We see a similar (albeit of opposite312

sign) trend structure to the 10 hPa vortex wind plots in Figure 6e and f. There is very little313

change in the polar cap temperature at 50 hPa until the regime transition, after which point314

the temperature drops markedly with increased tropical warming. In the extreme warming315

cases, the temperature bottoms out near 205 K. This is the same temperature found at this316

pressure level in the original Polvani and Kushner (2002) model with no topography. Hence317

the stratospheric polar vortex has become more like that of the Southern Hemisphere: the318

tropical warming has completely undone the influence of the surface topography.319

It is important to stress that the stratospheric cooling is here completely driven by320

the dynamical response of the stratospheric circulation to upper tropospheric warming in321

the tropics. If coupled to stratospheric chemistry, it is possible that the change would322

be intensified. Cooling increases the formation of polar stratospheric clouds, permitting323

heterogenous chemistry and rapid ozone loss. Indeed, record low ozone levels were observed324

over the Northern Hemisphere in the 2010-2011 winter because the polar vortex was relatively325

undisturbed, leading to colder than average temperatures (Hurwitz et al. 2011).326

5. Changes in Stratosphere-Troposphere Coupling327

The cooling of the stratosphere suggests a substantial change in the coupling between328

the stratosphere and troposphere in our model. The stratospheric circulation is tightly cou-329

pled to the tropospheric circulation on intraseasonal time scales in our reference integration,330
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as specifically constructed by Gerber and Polvani (2009). Planetary waves induced by the331

surface topography propagate into the stratosphere intermittently, initiating Stratospheric332

Sudden Warmings (SSWs). The breakdown of the polar vortex in turn influences the tro-333

pospheric jet, shifting the tropospheric jets poleward and increasing the time scales of the334

tropospheric annular mode (Gerber et al. 2009).335

The Brewer-Dobson Circulation of the reference integration was shown in Fig. 1d. The336

residual mean stream function Ψ∗ is derived from the residual circulations ([v]∗, [ω]∗), defined337

by338

[v]∗ = [v]−
∂[v′θ′] / [θ]p

∂p
=

∂Ψ∗

∂p
(4)339

and340

[ω]∗ = [ω] +
1

a cosφ

∂
(

[v′θ′] cosφ
/

[θ]p

)

∂φ
= −

1

a cosφ

∂(Ψ∗ cosφ)

∂φ
, (5)341

where [ ] denotes the zonal mean, v′ and θ′ are deviations from the zonal mean merid-342

ional wind and potential temperature, and approximates the Lagrangian transport of mass343

through the stratosphere (e.g. Andrews et al. 1987). At equilibrium, the extratropical resid-344

ual meridional velocity results from a balance between the wave drag and the Coriolis force,345

as described in downward control theory (Haynes et al. 1991). The wave drag is significantly346

enhanced by upward propagating planetary stationary waves forced by the surface topog-347

raphy; in an integration with identical setting except for a flat lower boundary, the winter348

branch is only slightly stronger than the summer branch, as expected.349

Figures 8 a and b show the difference of the residual mean stream function Ψ∗ between350

the reference and the WK and ST integrations, respectively. In the weak warming case WK,351

Ψ∗ increases in the Northern hemisphere and decreases in the Southern hemisphere, yielding352
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an overall acceleration of BDC. In the strong warming case ST, Ψ∗ decreases significantly353

over the whole stratosphere, with a maximum decrease between 40oN to 60oN, suggesting354

a dramatic deceleration of the circulation. The reversal in the circulation trend explains355

the opposite sign of the temperature responses in the stratosphere seen in Fig. 3a and b.356

Under moderate warming, increased upwelling drives adiabatic expansion and cooling in the357

tropical stratosphere, while increased downwelling drives compression and warming in the358

extratropical stratosphere. Under strong warming, the weakening of the circulation warms359

the tropics and cools the extratropics.360

Following Butchart et al. (2006) and Li et al. (2008), we quantify the BDC strength in

all the integrations by computing the net upward mass flux in the tropics,

< M∗ >=
1

g

∫ φn

φs

2πr2
0
cosφ [ω]∗ dφ (6)

where r0 is the Earth’s radius, and φs and φs are the turning latitudes, where the residual361

mean vertical velocity [ω]∗ changes sign. Figure 9 shows < M∗ > at 100 hPa; similar plots362

are found at other levels in the lower stratosphere. In the T42 and L80 integrations, the363

tropical upwelling increases by up to 10%, reaching a maximum when the tropical warming364

∆Tp nears 4 K. Beyond this level of warming, however, further increase in ∆Tp leads to an365

abrupt reduction of the tropical upwelling. Once ∆Tp exceeds 9 K, < M∗ > is 10% weaker366

than in the reference integration. The T85 integrations indicate the same nonlinearity of the367

BDC, but the transition is delayed. It is noteworthy that the stratospheric response appears368

more sensitive to horizontal resolution than vertical resolution.369

An abrupt transition of the BDC trend has not been reported in other GCMs, but370

there is possible evidence for it in previous studies with idealized models. Eichelberger and371
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Hartmann (2005) observed an acceleration of the BDC due to warming in the tropics, while372

Butler et al. (2010) found a deceleration. The amplitude of the warming at the tropics,373

however, was quite different in the two studies, around 5 K in Eichelberger and Hartmann374

(2005, see their Fig. 2), and 10 K in Butler et al. (2010, see their Fig. 2). These amplitudes375

are near the extremes of the two regimes identified in our model. Hence, our integrations376

may reconcile these two idealized AGCM results. This highlights the importance of exploring377

the entire parameter space. The acceleration of BDC for weak to moderate warming is in378

agreement with projections by nearly all the models participating Chemistry Climate Model379

Validation Activity (Butchart et al. 2006, 2010). Observations by Engel et al. (2009) suggest380

that the observed BDC may be weakening, but the large uncertainty in measurements does381

not permit one to rule out the trend suggested by models (e.g. Garcia et al. 2011) .382

The reversal of the mean overturning circulation trend is also related to significant383

changes in the intraseasonal variability of the stratosphere. SSW events represent the bulk384

of the intraseasonal variability in the polar winter stratosphere of the Northern Hemisphere.385

Following the World Meteorological Organization (WMO) convention, we identify SSWs as386

instances when the zonal mean zonal wind at 10 hPa and 60oN becomes easterly, and an387

event is counted only if no prior SSW had been recorded in the preceding 40 days. Figure388

10 shows the number of SSWs per decade, as a function of tropical warming. For weak389

to moderate tropical warming, ∆Tp < 2 K, the frequency of SSWs does not appear to390

change appreciably. When the warming passes the 5 K threshold, however, the frequency391

of SSWs decreases rapidly, all but disappearing in the extremely warm integrations. With392

the shutdown of SSWs, the model’s Northern Hemisphere becomes more like the Southern393

Hemisphere, where SSWs occur very infrequently.394
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One pathological T85 integration (∆Tp = 5.5 K) around the regime transition exhibits395

an exceedingly high frequency of SSWs, almost 13 per decade. Closer inspection of the396

stratospheric variability in this integration (not shown) suggests that the high number of397

warmings is not caused by a radical change in stratospheric variability, but rather a subtle398

changes in the 10 hPa climatology and the threshold definition of SSWs, as discussed by399

McLandress and Shepherd (2009a). To confirm this hypothesis, we consider an alternative400

measure of stratospheric vortex variability that does not depend on a threshold. Figure401

10b shows the standard deviation (σ) of the daily zonal mean zonal wind at 60oN, 10 hPa.402

The overall variability of the vortex increases near the regime transition at all resolutions,403

and then drops down again afterwards. This is typical of a regime transition for dynamical404

systems (Scheffer et al. 2009).405

Previous studies have examined SSW trends in comprehensive climate models. Charlton-406

Perez et al. (2008) found a small positive trend in the frequency of SSWs over the course of407

the 21st century, consistent with our model under weak to moderate warming. McLandress408

and Shepherd (2009a) found that the frequency of SSWs, as defined by the WMO criteria,409

increased by 60% by the end of the 21st century in the Canadian Middle Atmosphere Model,410

but the trend was largely a consequence of a weakening climatological mean winds at 60oN411

10 hPa, and not a fundamental change in the variability. Neither study observed a sudden412

drop off in stratosphere-troposphere coupling, but both were based on moderate scenario413

forcings, not the more extreme warming of over 10 K considered here.414

Our analysis suggests that a stark transition in the vertical coupling of the atmosphere415

may be possible: in the reference climate, the stratosphere and troposphere are tightly416

coupled on intraseasonal time scales, as in the observed Northern Hemisphere. In an extreme417
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warm climate, the stratosphere and troposphere are more decoupled at intraseasonal time418

scale, as observed in the Southern Hemisphere. Fig. 11 diagnoses the dynamics behind419

the changes, showing the Eliassen-Palm (E-P) fluxes in the REF and ST integrations. As420

discussed by Edmon et al. (1980), the E-P flux vectors characterize the propagation of wave421

activity in the atmosphere, and allow one to diagnose the eddy forcing of the zonal mean422

wind. The climate transition is characterized by a deflection of wave activity away from the423

stratosphere and towards the subtropical troposphere.424

The downward pointing vectors from the stratosphere to the troposphere in the difference425

plot reflect a reduction of the upward wave activity flux, not a new source of waves in426

the stratosphere. Reduced wave driving goes hand in hand with fewer SSW events and427

a weakening of the Brewer-Dobson Circulation, which owes its existence to the mechanical428

forcing by waves breaking in the stratosphere. The weakening of the meridional circulation in429

turn reduces adiabatic warming in the extratropical stratosphere, cooling and strengthening430

the vortex. Wave activity that used to propagate upward into the stratosphere instead431

propagates equatorward in the upper troposphere. The eddy-driven jet and surface westerlies432

are maintained by the net export of wave activity from the extratropical baroclinic region to433

the subtropics. The increased equatorward wave flux reflects the poleward shift of the jet.434

6. Regime behavior435

The abrupt change in the eddy, or wave-driven circulation highlighted by the shift in the436

barotropic jet and the weakening of the mechanically driven circulation in the stratosphere437

suggests the presence of two distinct atmospheric regimes in our model, a “present day” state438
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and a “warm world” state. In the former, wave activity intermittently propagates into the439

stratosphere, coupling the upper atmosphere to the lower atmosphere on intraseasonal time440

scales, while in the latter upward wave propagation is shut off, and wave activity propagates441

equatorward in concert with the poleward shift of the tropospheric jet.442

Corti et al. (1999) propose that it may be possible to interpret climate change as a shift443

in the frequency of atmospheric circulation regimes. An abrupt transition in climatology can444

occur when the relative probability of being in the different regime states changes rapidly.445

Analysis of individual integrations suggests that this is the case in our model. Fig. 12 shows446

the probability density function of the latitude of maximum 850 hPa winds for four differ-447

ent T85 integrations. The present day and warm world climatological probability density448

functions are shown in panels a and d, corresponding to integrations near the ends of the449

parameter space investigated in our study. In the latter (Fig 12d), the surface winds are450

always clustered about 45oN, while in the former (Fig 12a), the surface jet resides almost ex-451

clusively near 30oN, sampling higher latitudes with very low probability. In between (Figs 12452

b and c), the probability density functions are clearly bimodal: the atmosphere samples both453

states at different times, the relative weighting shifting in response to the warming.454

We explore the vertical structure associated with these two jet states and their relation455

to climate change in Fig. 13. We characterize the flow as being in a “low latitude jet” or456

“high latitude jet” state when the 850 hPa wind maximum is equatorward or poleward of457

36o N, the threshold suggested by the minimum in the jet latitude histograms in Fig 12.458

The difference between composites of these two states, based on the ∆T p = 5K integration,459

is shown in Fig. 13a. Associated with the shift in the surface winds is a barotropic response460

throughout the troposphere and a strengthening of the stratospheric polar vortex.461
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We compare this difference between states with the response to warming in Fig. 13b,462

which shows the difference between the ∆T p = 5K and 7K integrations. The similarity463

between the two supports the conclusion that the abrupt climate transition can be interpreted464

as a change in the frequency of states. In the ∆T p = 5K integration, the circulation favors465

the low latitude state to high latitude state by a ratio of 7:3. With increased warming in466

the ∆T p = 7K integration, the ratio shifts to 4:6.467

Further inspection of Fig. 12 suggests that the two atmospheric regimes themselves are468

not static. For instance, the low latitude cluster in panels (a), (b) and (c) shifts poleward,469

beginning equatorward of 30oN, and ending near 32oN. This slow shift reflects the smooth,470

linear response of the tropical temperature structure to heating, which pushes the location471

of the Hadley cell boundary poleward. The same poleward migration can be observed with472

the high latitude state: the maximum shifts from approximately 42 degrees to 46 between473

panels (b) to (d) . The change in the frequency of each regime is a nonlinear transition on474

top of this slow, more predictable response to GHG induced warming.475

The bimodal distribution of jet states near the nonlinear transition is particularly pro-476

nounced in the high resolution T85 integrations, some exhibiting an high frequency of SSWs.477

The anomalous behavior near the regime transition boundary, especially in the T85 inte-478

grations, can be diagnosed by analyzing the time scales of the atmospheric circulation. We479

examine the persistence of the annular mode variability, quantified by the e-folding time scale480

τ of the annular mode autocorrelation function. The autocorrelation time scale quantifies481

the persistence of intraseasonal variability. Following Gerber et al. (2008), τ is estimated by482

fitting the annular mode autocorrelation function to exp(−t/τ) in the sense of least squares.483

We plot the e-folding time scale τ at 100 hPa in Fig. 14. This level is chosen because the484
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time scale exhibits a maximum value in the lower stratosphere in nearly all integrations, as485

well as in observations (Baldwin et al. 2003). τ varies between roughly 30 to 40 days in486

integrations away from the regime transition boundary, which is approximately comparable487

to observations, but reaches exceedingly high values in between. The increased autocorrela-488

tion time scale near a regime transition is also a common characteristic of general dynamical489

systems approaching critical transition (Scheffer et al. 2009).490

These large values of τ reflect the persistence of the atmospheric state in the alternating491

regimes. The model will be in one state for a long period before jumping to the other492

state. Such intermittent behavior has also been observed in models with simplified geometry,493

such as β plane models (Lee 1997) and idealized AGCMs (Lee and Kim 2003; Son and494

Lee 2005; Chan and Plumb 2009). Time series with such regime transitions are not well495

characterized by an e-folding time scale, and often exhibit power law behavior. Hence the496

rule of thumb proposed by Gerber et al. (2008) regarding the integration length needed497

to accurately estimate the time scale does not apply; extremely long integrations will be498

needed to effectively compute the climatology and variability, as investigated by Simpson499

et al. (2010).500

While only limited observational evidence for such extreme bimodality is available in501

observations, Woollings et al. (2010) have found hints that the observed eddy-driven jet502

does show regime-like behavior in the North Atlantic region. This region is dominated by503

the eddy-driven jet, and is perhaps a close analogue to the rapid shifts in eddy momentum504

convergence found in our idealized GCM.505
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7. Robustness506

We have shown that the underlying regime behavior of our GCM is responsible for the507

abrupt climate transition. To ensure that this is not an artifact of our particular model508

numerics or configuration, we perform two additional sets of integrations. In the first set, we509

keep the forcing exactly the same, but radically change the model numerics, replacing the510

pseudo-spectral dynamical core with a finite-volume core built on a cubed sphere grid. This511

new finite-volume core was constructed for GFDL’s AM3, the atmospheric component of their512

latest coupled climate model, and is described by Donner et al. (2011). The integrations are513

performed at “C48” resolution, where each side of the cube is a 48x48 mesh. This resolution514

was chosen to be fairly comparable to T42, providing roughly 4 grid points to resolve wave515

number 42. The core employs a hybrid-coordinate in the vertical, and we specify the same516

40 levels as in our L40 integrations with the pseudo-spectral model.517

The second set of integrations is designed to ensure that our results are not an artifact518

of the crude treatment of mesospheric gravity wave drag in the Polvani and Kushner (2002)519

forcing. Shepherd and Shaw (2004) and Shaw et al. (2009) document that an improper520

treatment of gravity waves in the stratosphere can distort tropospheric circulation through521

downward control. A concern is that Rayleigh friction does not respect the conservation of522

momentum. So we retain the original T42L40 pseudo-spectral dynamical core, but replace523

the Rayleigh friction with the spectral gravity wave parameterization developed by Alexander524

and Dunkerton (1999). The scheme assumes a broad spectrum source of gravity waves, and525

we adopt the settings used in GFDL’s AM3 (Donner et al. 2011), with the exception that526

we reduce the amplitude in the deep tropics by 90% (this prevents the formation of spurious527

24



jets in the tropical stratosphere, though we find that all of the results are similar if we keep528

the exact AM3 settings). To ensure the conservation of momentum, any remaining wave flux529

that reaches the upper boundary of the model is deposited in the uppermost model level, as530

suggested by Shaw et al. (2009). As the spectral gravity wave scheme produces significant531

damping in the lower stratosphere, we obtain a more comparable climatology by increasing532

the equilibrium lapse rate parameter γ to 6 K/km.533

Fig. 15 summarizes the results from 6 integrations with each model, where the heat-534

ing parameter H0 was varied linearly from 0 (reference) to 0.5 K/day. Statistics are based535

on 10,000 days of integration after a 300 day spin up period. Since the tropical warming536

scales linearly with the heating, results are reported as a function of warming at the tropical537

tropopause (∆Tp), as in previous sections. In both models, the surface wind maximum jumps538

poleward when the warming exceeds approximately 5 K, consistent with the behavior ob-539

served in our original model configuration. The surface wind trends also change nonlinearly,540

initially decreasing with additional warming, but increasing after the regime transition. The541

nonlinearity, both in the intensity and position, however, is weaker in the finite-volume core.542

The difference between the two models, and the connection between the jet position and543

strength, can be understood in terms of combinations of the two jet states. Fig. 16 shows544

the time mean, zonal mean 850 hPa winds for the 12 integrations. In the “present day”545

state (∆T p = 0), the jet is strongest near 30oN in both models. It also exhibits a shoulder546

at approximately 45oN, which grows with increased warming, becoming the dominant jet in547

the “warm world” climatologies. Rapid changes occur when the the latter state begins to548

dominate the former, at a warming of about ∆T p = 5 K. At this time the jet is substantially549

weaker, but broader, reflecting the average of the two states. The initial and final jet states,550
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however, are less distinct in the finite-volume model. Thus, the transition is less abrupt.551

While we have focussed on the surface winds here, the vertical structure of the response552

outlined in Sections 4 and 5 is robust for these two alternate models. The surface winds553

owe their existence to eddy momentum flux convergence in the upper atmosphere, and554

hence provide a good measure of the eddy-driven circulation throughout the troposphere.555

Both the finite-volume cubed sphere dynamical core and the use of spectral gravity wave556

drag parameterizations in idealized models are the subject of ongoing research. The results557

shown in this paper are preliminary, and shown chiefly to establish the robustness of the558

abrupt circulation change found with the original version of the model.559

8. Conclusions560

We have explored changes in the general circulation of the atmosphere and the coupling561

between the stratosphere and troposphere under climate-change like thermal forcing with an562

idealized AGCM. The thermal forcing was imposed in the low-latitude upper troposphere,563

as in Butler et al. (2010), to mimic the enhanced warming there caused by increased GHG564

concentrations. In this study, we focused on the sensitivity of the response to the amplitude565

of the warming, exploring a range of warming comparable in magnitude to that anticipated566

by comprehensive climate models under the A1B and A2 emission scenarios. We found that567

the eddy-driven circulation responds to the warming in a highly nonlinear fashion, exhibiting568

an abrupt climate shift when the tropical warming exceeds a critical amplitude.569

In the troposphere, warming of the tropics causes expansion and weakening of the Hadley570

cells and poleward displacement of the extratropical jet streams, as reported in Butler et al.571
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(2010). For the midlatitude and stratosphere circulation, however, the response is a highly572

nonlinear function of the forcing amplitude. The near surface jet exhibits an abrupt 10-degree573

shift toward high latitudes when the tropical warming exceeds 5 K. While the poleward574

migration of the upper level westerly jet is smoother, the trends in wind strength at lower and575

upper levels exhibit a marked shift at the transition point, further suggesting that the change576

is due to a reorganization of the eddy-driven circulation. For weak to moderate warming, the577

trend in wind strength is small or negative; after the critical threshold, the winds accelerate578

with additional warming. In the stratosphere, the polar vortex expands equatorward and579

strengthens with moderate warming in the tropics, but as with the tropospheric jet, the580

trends change abruptly with increased warming. This regime shift can be understood as an581

abrupt rearrangement of planetary and synoptic scale waves in the upper troposphere and582

lower stratosphere, altering the eddy transport of momentum and heat.583

As the stratospheric circulation is largely driven by wave-mean flow interactions, the584

regime shift is magnified there. For weak to moderate warming, the Brewer-Dobson Cir-585

culation (BDC) increases moderately. After the critical threshold, stratosphere-troposphere586

coupling on intraseasonal time scales collapses as wave activity which formerly entered the587

stratosphere is steered away. The presence of regimes may help resolve the seemingly con-588

trasting results in the idealized modeling studies of Eichelberger and Hartmann (2005) and589

Butler et al. (2010), who found responses of the BDC to tropical warming of opposite sign.590

The idealized nature of the forcing in our model allows us to test the robustness of the591

circulation changes to numerical truncation, model numerics, and our treatment of gravity592

wave drag, experiments not easily accomplished with a comprehensive GCM with resolution593

dependent parameterizations. We verified that all the essential aspects of the circulation594
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changes are robust. The exact location of the critical threshold, however, does appear to595

be sensitive to numerical truncation, and is pushed back to higher warming levels in higher596

resolution integrations. The abruptness of the change is also sensitive to the numerics of the597

model.598

As shown by Butler et al. (2010), the circulation response of the idealized model to599

the warming of the tropical upper-troposphere captures much of the total circulation change600

projected by comprehensive models. This indicates that the dynamical response of the atmo-601

sphere to GHG forcing is dominated by changes in temperature gradients. The stratospheric602

response is particularly noteworthy here, as one might expect direct GHG induced cooling603

and ozone recovery to play a critical role as well.604

It is important to keep in mind that the quantitative position of the abrupt transition605

in our integrations should not be taken too literally, due to the gross simplification of the606

physics in our model. Rather, the key result of our study is the existence of dynamical regimes607

and abrupt transitions in models with fully resolved dynamics. In this respect, our results608

complement previous studies with EMICs, which document the potential for abrupt climate609

change due to nonlinear feedback with climate forcings. Our idealized forcing is extremely610

smooth, as seen from the direct response of the tropical, thermally driven circulation in the611

model. Ice albedo, water vapor, and ozone chemistry feedbacks are completely absent in612

these integrations. Despite this, the large scale dynamics alone are able to induce abrupt613

reorganization of the wave mean flow interactions, leading to rapid changes in the climatology614

and variability of the atmosphere. A complete transition from one regime to another is615

possible over a range of warming comparable in magnitude to that found in 21st century616

climate projections. Whether such dynamical regimes are observable in the atmosphere617
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remains an open question.618
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name resolution H0 values (K/day)
T42 T42L40 -0.1, -0.05, 0, 0.05, 0.1, 0.15, 0.2, 0.275, 0.35, 0.425, 0.5
L80 T42L80 0, 0.15, 0.2, 0.275, 0.5
T85 T85L40 0, 0.15, 0.2, 0.275, 0.35, 0.5

Table 1. The integrations performed in this study.
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List of Figures751

1 Climatology of the reference integration (REF). (a) Temperature (contours752

every 10 K). The shaded region indicates the structure of the imposed low753

latitude heating. The tropopause, following the WMO lapse rate definition,754

is denoted by the thick solid line. (b) Zonal mean zonal wind (contours every755

5 ms−1). (c) The Eulerian-mean meridional circulation, revealing the Hadley756

and Ferrel cells, quantified by the mass streamfunction (contours every 2× 1010757

Kg s−1). (d) The Brewer-Dobson Circulation, or meridional mass transport758

through the stratosphere, quantified by the residual mean streamfunction Ψ∗
759

(contours every 0.5× 109 Kg s−1). 44760

2 The direct temperature response to heating in the upper tropical troposphere,761

as quantified by the change in the zonal mean tropical tropopause temperature762

∆Tp, averaged between 25oN and 25oS at 190 hPa, relative to the reference763

integration REF. The horizontal axis indicates the thermal forcing amplitude764

H0. WK and ST denote two T42 integrations with H0 = 0.05 and 0.5 K/day,765

respectively, shown in further detail in Fig. 3. 45766
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3 The zonal mean response to tropical warming. On the left, the change from the767

reference integration REF in a weak warming integration (H0 = 0.05 K/day,768

marked as WK in Fig. 2), and on the right, in a strong warming integration769

(with H0 = 0.5 K/day, marked as ST in Fig. 2). The difference in zonal770

mean temperature (contour every 0.2 K for WK, and 2 K for ST) and zonal771

mean zonal wind are contoured in the top and bottom panels respectively.772

Contours of the zonal wind are (..., -2, -1.5, -1, 0, 1, 2, 3 ... m/s) for WK, and773

(..., -20, -15, -10, 0, 10, 20, 30, 40, 50 ... m/s) for ST. The contour intervals774

in ST-REF are 10 times of that in WK-REF, so that the figures would be775

identical if the response were purely linear. The gray lines denote zero values. 46776

4 The change in the (top) total mass transport and (bottom) latitudinal extent777

of the Hadley cell (Ψ = 0 at 500 hPa in the Northern Hemisphere) as a778

function of the warming of the tropical tropopause. 47779

5 Held-Hou (1980; open symbols) and Held (2000; closed symbols) scaling for780

the Hadley cell width (vertical axis) versus the actual values for all integrations781

(horizontal axis). If the theory were perfect, the data should exhibit a slope782

of 1; both theories underestimate the sensitivity of the Hadley Cell, but Held783

(2000) is more accurate. 48784

6 Evidence of abrupt change in the eddy driven circulation in the near surface,785

upper tropospheric, and stratospheric jets. At left, the latitude of the maxi-786

mum zonal mean zonal winds Umax, and at right, the amplitude of Umax, as787

a function the tropical warming. The top panels are based at 850 hPa, the788

middle panels at 300 hPa, and the lower panels at 10 hPa. 49789
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7 The polar cap temperature (in K) defined as the latitude-weighted mean tem-790

perature from 60oN to 90oN at 50 hPa. 50791

8 (a) The difference of the residual streamfunction, ∆Ψ∗, between the weak792

warming integration WK and REF (contours every 0.04× 109 Kg s−1). (b) is793

the same as (a) but shows the difference between the strong warming integra-794

tion ST and REF. Gray lines denote the zero contour. 51795

9 The strength of the Brewer-Dobson Circulation as a function of tropical warm-796

ing, quantified by the total upward mass flux at 100 hPa in the tropics. 52797

10 The variability of polar vortex as a function of tropical warming. (a) The fre-798

quency of Stratospheric Sudden Warming (SSW) events and (b) the standard799

deviation of the zonal mean wind at 10 hPa and 60oN. A different scale is800

used for one T85 integration with dramatically more frequent SSWs. 53801

11 Changes in wave driving in response to tropical warming, as characterized by802

the Eliassen-Palm flux. (a) The E-P flux vectors (m2 s−2) and zonal mean803

zonal wind (every 10 m/s) for the reference case with T42 resolution. (b) the804

same as (a), except for the strong warming integration. (c) The difference in805

zonal mean zonal wind and E-P flux vectors. Changes in the E-P divergence806

are shaded for values less than -0.25 m s−1 day−1 (light), and greater than807

0.25 m s−1 day−1 (dark). The E-P flux vectors are scaled by the inverse of808

density to make stratospheric fluxes visible. 54809
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12 Histograms of the daily latitude of the maximum wind at 850 hPa for four810

T85 integrations with ∆Tp = 0, 5, 8 and 13 K. The histograms have been811

normalized to show the probability of finding the instantaneous jet within812

each latitude band. Note both the change in the partition of the flow between813

the low and high latitude regimes – the mechanism behind the abrupt climate814

change – and the gradual shift of the regimes themselves – a reflection of a815

more linear shift in underlying climatology. 55816

13 The connection between flow regimes and the response to warming. a) The817

difference between composites of the zonal mean zonal wind based on “high818

latitude” and “low latitude” jet states in the T85 integration with ∆Tp = 5819

K. The flow is characterized as being in the high (low) state when the 850820

hPa zonal wind maximum is poleward (equatorward) of 36o N. b) The change821

in the time and zonal mean zonal winds between the T85 integrations with822

∆Tp = 7 and 5 K. 56823

14 The e-folding time scale τ of the annular mode autocorrelation function at824

100 hPa, as a function of tropical warming. 57825
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15 The (a) position and (b) amplitude of the 850 hPa zonal mean zonal wind826

maximum as a function of tropical tropospheric warming ∆T p in two alternate827

models. Both models exhibit an abrupt shift in the eddy driven jet when the828

warming exceeds approximately 5 K, accompanied by a change in the intensity829

trend. The grey circles show results from integrations of a dynamical core830

with finite-volume numerics on a cubed sphere grid, and the triangles, results831

from integrations with the pseudo-spectral model with a spectral gravity wave832

parameterization. These figures can be compared to the original pseudo-833

spectral model integrations shown in the top panels of Fig. 6. 58834

16 The zonal mean zonal wind at 850 hPa as a function of latitude for the integra-835

tions summarized in Fig. 15. ∆T p denotes the warming of tropical tropopause.836

In both models, the nonlinear response to warming reflects a transition from837

a state with surface winds centered near 30o N (e.g. for the reference ∆T p = 0838

integrations) to one with winds centered near 45o (integrations with ∆T p > 8839

K). In between, especially for ∆T p ≈ 5, the mean jet becomes much broader840

because the model samples both states, as suggested in Fig. 12. The “present841

day” and “warm world” states are more distinct in the spectral model, making842

the transition more abrupt relative to the finite-volume model. 59843
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Fig. 1. Climatology of the reference integration (REF). (a) Temperature (contours every
10 K). The shaded region indicates the structure of the imposed low latitude heating. The
tropopause, following the WMO lapse rate definition, is denoted by the thick solid line. (b)
Zonal mean zonal wind (contours every 5 ms−1). (c) The Eulerian-mean meridional circula-
tion, revealing the Hadley and Ferrel cells, quantified by the mass streamfunction (contours
every 2× 1010 Kg s−1). (d) The Brewer-Dobson Circulation, or meridional mass transport
through the stratosphere, quantified by the residual mean streamfunction Ψ∗ (contours every
0.5× 109 Kg s−1).
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Fig. 2. The direct temperature response to heating in the upper tropical troposphere, as
quantified by the change in the zonal mean tropical tropopause temperature ∆Tp, averaged
between 25oN and 25oS at 190 hPa, relative to the reference integration REF. The horizontal
axis indicates the thermal forcing amplitude H0. WK and ST denote two T42 integrations
with H0 = 0.05 and 0.5 K/day, respectively, shown in further detail in Fig. 3.
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Fig. 3. The zonal mean response to tropical warming. On the left, the change from the
reference integration REF in a weak warming integration (H0 = 0.05 K/day, marked as WK
in Fig. 2), and on the right, in a strong warming integration (with H0 = 0.5 K/day, marked
as ST in Fig. 2). The difference in zonal mean temperature (contour every 0.2 K for WK,
and 2 K for ST) and zonal mean zonal wind are contoured in the top and bottom panels
respectively. Contours of the zonal wind are (..., -2, -1.5, -1, 0, 1, 2, 3 ... m/s) for WK, and
(..., -20, -15, -10, 0, 10, 20, 30, 40, 50 ... m/s) for ST. The contour intervals in ST-REF
are 10 times of that in WK-REF, so that the figures would be identical if the response were
purely linear. The gray lines denote zero values.
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Fig. 4. The change in the (top) total mass transport and (bottom) latitudinal extent of the
Hadley cell (Ψ = 0 at 500 hPa in the Northern Hemisphere) as a function of the warming of
the tropical tropopause.
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Hadley cell width (vertical axis) versus the actual values for all integrations (horizontal axis).
If the theory were perfect, the data should exhibit a slope of 1; both theories underestimate
the sensitivity of the Hadley Cell, but Held (2000) is more accurate.
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Fig. 6. Evidence of abrupt change in the eddy driven circulation in the near surface, upper
tropospheric, and stratospheric jets. At left, the latitude of the maximum zonal mean zonal
winds Umax, and at right, the amplitude of Umax, as a function the tropical warming. The
top panels are based at 850 hPa, the middle panels at 300 hPa, and the lower panels at 10
hPa.
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Fig. 7. The polar cap temperature (in K) defined as the latitude-weighted mean temperature
from 60oN to 90oN at 50 hPa.
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Fig. 8. (a) The difference of the residual streamfunction, ∆Ψ∗, between the weak warming
integration WK and REF (contours every 0.04× 109 Kg s−1). (b) is the same as (a) but
shows the difference between the strong warming integration ST and REF. Gray lines denote
the zero contour.
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Fig. 9. The strength of the Brewer-Dobson Circulation as a function of tropical warming,
quantified by the total upward mass flux at 100 hPa in the tropics.
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Fig. 10. The variability of polar vortex as a function of tropical warming. (a) The frequency
of Stratospheric Sudden Warming (SSW) events and (b) the standard deviation of the zonal
mean wind at 10 hPa and 60oN. A different scale is used for one T85 integration with
dramatically more frequent SSWs.
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Fig. 11. Changes in wave driving in response to tropical warming, as characterized by the
Eliassen-Palm flux. (a) The E-P flux vectors (m2 s−2) and zonal mean zonal wind (every 10
m/s) for the reference case with T42 resolution. (b) the same as (a), except for the strong
warming integration. (c) The difference in zonal mean zonal wind and E-P flux vectors.
Changes in the E-P divergence are shaded for values less than -0.25 m s−1 day−1 (light),
and greater than 0.25 m s−1 day−1 (dark). The E-P flux vectors are scaled by the inverse of
density to make stratospheric fluxes visible. 54
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Fig. 12. Histograms of the daily latitude of the maximum wind at 850 hPa for four T85
integrations with ∆Tp = 0, 5, 8 and 13 K. The histograms have been normalized to show the
probability of finding the instantaneous jet within each latitude band. Note both the change
in the partition of the flow between the low and high latitude regimes – the mechanism
behind the abrupt climate change – and the gradual shift of the regimes themselves – a
reflection of a more linear shift in underlying climatology.

55



1

1
2

3

3

4

0

0

0

0

0

0

−3

−2

−1

P
re

ss
ur

e 
(h

P
a)

(a) ∆U between the high− and low− latitude state

0 20 40 60 80
950

500

200

100

 50

 20

 10

  5

1

1

1

1

1
2

2
3

4

5

0

0

0

0

0
0

−3

−2

−1

−1

P
re

ss
ur

e 
(h

P
a)

Latitude

(b) ∆U between ∆T
p
 = 5 K and 7 K

0 20 40 60 80
950

500

200

100

 50

 20

 10

  5

Fig. 13. The connection between flow regimes and the response to warming. a) The differ-
ence between composites of the zonal mean zonal wind based on “high latitude” and “low
latitude” jet states in the T85 integration with ∆Tp = 5 K. The flow is characterized as being
in the high (low) state when the 850 hPa zonal wind maximum is poleward (equatorward) of
36o N. b) The change in the time and zonal mean zonal winds between the T85 integrations
with ∆Tp = 7 and 5 K.
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Fig. 14. The e-folding time scale τ of the annular mode autocorrelation function at 100
hPa, as a function of tropical warming.
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Fig. 15. The (a) position and (b) amplitude of the 850 hPa zonal mean zonal wind maximum
as a function of tropical tropospheric warming ∆T p in two alternate models. Both models
exhibit an abrupt shift in the eddy driven jet when the warming exceeds approximately
5 K, accompanied by a change in the intensity trend. The grey circles show results from
integrations of a dynamical core with finite-volume numerics on a cubed sphere grid, and the
triangles, results from integrations with the pseudo-spectral model with a spectral gravity
wave parameterization. These figures can be compared to the original pseudo-spectral model
integrations shown in the top panels of Fig. 6.
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Fig. 16. The zonal mean zonal wind at 850 hPa as a function of latitude for the integrations
summarized in Fig. 15. ∆T p denotes the warming of tropical tropopause. In both models,
the nonlinear response to warming reflects a transition from a state with surface winds
centered near 30o N (e.g. for the reference ∆T p = 0 integrations) to one with winds centered
near 45o (integrations with ∆T p > 8 K). In between, especially for ∆T p ≈ 5, the mean jet
becomes much broader because the model samples both states, as suggested in Fig. 12. The
“present day” and “warm world” states are more distinct in the spectral model, making the
transition more abrupt relative to the finite-volume model.
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