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The history of the Earth has been characterized by a series of
major transitions separated by long periods of relative stability1.
The largest chemical transition was the ‘Great Oxidation’, approxi-
mately 2.4 billion years ago, when atmospheric oxygen concen-
trations rose from less than 1025 of the present atmospheric level
(PAL) to more than 0.01 PAL, and possibly2 to more than 0.1 PAL.
This transition took place long after oxygenic photosynthesis is
thought to have evolved3–5, but the causes of this delay and of the
Great Oxidation itself remain uncertain6–11. Here we show that the
origin of oxygenic photosynthesis gave rise to two simultaneously
stable steady states for atmospheric oxygen. The existence of a low-
oxygen (less than 1025 PAL) steady state explains how a reducing
atmosphere persisted for at least 300 million years after the onset of
oxygenic photosynthesis. The Great Oxidation can be understood as
a switch to the high-oxygen (more than 5 3 1023 PAL) steady
state. The bistability arises because ultraviolet shielding of the
troposphere by ozone becomes effective once oxygen levels exceed
1025 PAL, causing a nonlinear increase in the lifetime of atmos-
pheric oxygen. Our results indicate that the existence of oxygenic
photosynthesis is not a sufficient condition for either an oxygen-rich
atmosphere or the presence of an ozone layer, which has impli-
cations for detecting life on other planets using atmospheric
analysis12,13 and for the evolution of multicellular life.

Before the origin of life, photochemical models14 predict oxygen
levels to have been O2 , 10212 PAL. The recent discovery of mass
independent fractionation (MIF) of sulphur isotopes15 before 2.45
billion years ago (Gyr ago), constrains16 O2 to ,1025 PAL. The MIF
signal is absent in samples 2.33 Gyr old and younger17, indicating
that the Great Oxidation occurred approximately 2.4 Gyr ago.
Geological and biological constraints indicate oxygen levels consist-
ently .0.01 PAL after the Great Oxidation, and possibly .0.1 PAL.
Compilations of MIF data and all geological constraints on palaeo-
oxygen are included as Supplementary Information. The Great
Oxidation would be most easily understood as the immediate
consequence of the origin of oxygenic photosynthesis18, but evidence
from biomarkers3–5 suggests this innovation had occurred at least
300 Myr earlier, by 2.7 Gyr ago. Recent hypotheses for the cause are:
an increase in the oxidation state of mantle outgassing6,8, but this
appears to contradict geological constraints9,19; or a progressive
oxidation of the crust, leading to a decreased flux of metamorphic
reductants10,11, but the mechanism of the required oxidation is
unclear9. These hypotheses assume that the Great Oxidation was
triggered when the oxygen source exceeded the input of volcanic and
metamorphic reductants6–9,11.

Our conceptual model of the global reduction–oxidation (redox)
system (Fig. 1) explains the stability of oxygen levels each side of the
Great Oxidation, the delay from the origin of oxygenic photosyn-
thesis and the apperent rapidity and irreversibility of the transition.
The rationale for the model is given here and it is described fully in

the Methods and Supplementary Information.
Organisms play a pivotal role in the global redox system, generat-

ing fluxes of both oxidized and reduced gases to the atmosphere.
Oxygenic photosynthesis is summarized thus:

CO2 þH2Oþ hv!CH2OþO2 ð1Þ

where hv indicates photosynthetically active radiation.
Today, around half of the carbon fixed is consumed internally by

photosynthetic organisms in aerobic respiration, the reverse of
equation (1). The remainder, the net primary productivity, is
available to other organisms. The principal metabolic path for this
carbon today is heterotrophic aerobic respiration, but this is inhib-
ited below the Pasteur point, O2 < 0.01 PAL. The metabolic pathway
effective in anoxic conditions is fermentation followed by acetogenic
methanogenesis:

2CH2O!CH3COOH!CH4 þCO2 ð2Þ

Oxygenic photosynthesis followed by fermentation and methano-
genesis is summarized:

CO2 þH2Oþ hv!
1

2
CH4 þ

1

2
CO2 þO2 ð3Þ

This is likely to have been the major metabolic path before the Great
Oxidation. If there is sufficient ambient oxygen (O2 . 2 £ 1024

PAL), methane-oxidizing bacteria (methanotrophs) will consume

LETTERS

Figure 1 |Model schematic. We resolve methane and oxygen abundances in
the atmosphere and surface ocean and a buried organic carbon in the crust.
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some of the methane and oxygen produced:

CH4 þ 2O2 !CO2 þ 2H2O ð4Þ

but the remainder will be a flux of both methane and oxygen to the
atmosphere in a 1:2 stoichiometric ratio. The fraction of the net
primary productivity which has this fate, QO2

; is higher in a low-
oxygen atmosphere.

We describe the overall redox balance of the atmosphere–ocean
system with a net input of reducing material represented by an input r
of ferrous iron, burial and weathering of organic carbon and an
oxidation due to loss of hydrogen to space sM, where s is a limiting
flux constant10 and M is the amount of methane in the atmosphere
(see Supplementary Information).

Once oxygenic photosynthesis is well established with assumed net
primary productivity N, the oxygen flux from the biosphere is QO2

N;
representing the oxygen source from oxygenic photosynthesis, with
the oxygen used in heterotrophic respiration and by methanotrophs
subtracted. The corresponding methane flux is 1

2QO2
N; from metha-

nogenic decomposition of organic matter with consumption by
methanotrophs subtracted. Thus the early Earth’s biosphere, like
today’s, promoted an atmosphere in strong thermodynamic dis-
equilibrium12,13. The dominant process in restoring equilibrium is
atmospheric methane oxidation. This can be summarized with the
stoichiometry of equation (4), but takes place as a series of reactions,
some of which are photochemically mediated. We empirically para-
meterize this flux as a function of methane and oxygen abundances,
fitting it to the results of detailed photochemical models16,20,21 that
resolve these reactions, obtaining oxidation rate WO2

M0:7; where WO2

is a polynomial function of oxygen concentration (see Supplemen-
tary Information). An important property of the atmospheric
chemistry embodied in WO2

is that, once oxygen has increased to a
certain level, an ozone layer forms, shielding the troposphere from
ultraviolet radiation. This dramatically decreases the rate of pho-
tolysis of water vapour in the troposphere, reducing hydroxyl radical
availability, and thus suppressing the rate of methane oxidation16,22.

Proxies indicate that either side of the Great Oxidation oxygen
concentrations were relatively stable for 108–109 years, so these
should correspond to steady-state solutions of our model. Steady-
state methane balances net input r and output sM of reductant from
the atmosphere–ocean system, giving:

M ¼
r

s
ð5Þ

The steady state for oxygen is dominated by the balance of pro-
duction by the biosphere and loss of oxidizing methane; by sub-
stituting M ¼ r/s oxygen abundance is found as the solutions of:

QO2
N2WO2

r

s

� �0:7

¼ 0 ð6Þ

There are two sets of stable steady-state solutions for oxygen in the
presence of oxygenic photosynthesis (Fig. 2); high oxygen
(O2 . 5 £ 1023 PAL) and low oxygen (O2 , 1025 PAL). Where
these overlap, they are separated by an unstable steady-state solution.
The cause of the bistability is a strong nonlinear positive feedback on
oxygen levels. Once oxygen exceeds 2 £ 1025 PAL an ozone layer
starts to form, decreasing the rate of methane oxidation. This
reduced oxygen sink causes oxygen levels to increase, promoting
the formation of the ozone layer. Oxygen continues to rise until the
photochemical loss again balances the biospheric source. The level of
the high-oxygen stable steady state is decreased by negative feedback
within the biosphere; as oxygen increases, methanotrophy and
heterotrophic respiration become effective at thresholds of
2 £ 1024 PAL and 0.01 PAL respectively, decreasing the fluxes of
methane and oxygen to the atmosphere.

The low-oxygen solution is consistent with the MIF constraint of
O2 , 1025 PAL before the Great Oxidation. It is maintained in the
presence of oxygenic photosynthesis, explaining the time lag between
the origin of oxygenic photosynthesis and the Great Oxidation. The

high-oxygen solution is consistent with proxy constraints following
the Great Oxidation (Supplementary Fig. 1).

We hypothesize that the Great Oxidation corresponded to a switch
between stable steady states when oxygen exceeded 1025 PAL and an
ozone layer developed. This contrasts with previous assumptions6–9,11

that it occurred when the oxygen source from carbon burial exceeded
the input of volcanic and metamorphic reductants. The system was
probably in the bistable region shortly before the Great Oxidation
(Fig. 2). Increasing N, or decreasing r, would mean that only the high-
oxygen solution could exist, forcing the switch. A perturbation to the
carbon cycle could also cause the transition, with the system remaining
in the bistable region. Two plausible scenarios are outlined below.

Contemporaneous with the Great Oxidation, there is a marked
decrease in banded iron formations (BIFs) in the sedimentary record
approximately 2.4 Gyr ago (ref. 23), possibly caused by the cessation
of a mantle superplume event7. Taking BIF deposition as a proxy of r
implies a significant decrease in r (Fig. 2). With present productivity,
the enhanced reductant input during BIF deposition2 would corre-
spond to oxygen in the bistable region (O2 , 1026 PAL for the low-
oxygen solution), whereas the present input of reduced iron to the
ocean, with present productivity, corresponds to the monostable
region of the high-oxygen solution (O2 , 1021 PAL). Hence,
decreasing r can trigger the Great Oxidation in our model (Fig. 3a).
To maintain redox balance, the methane concentration of the
atmosphere adjusts such that the loss of hydrogen to space balances
the net input of reductant to the surface system. This adjustment takes
around 50 million years during which there is a net oxidation as the

Figure 2 | Steady-state solutions for oxygen. Stable steady-state solutions
are shownwith solid and dashed lines, and unstable steady states with dotted
lines. These are calculated with the full equation given in the Methods
section; the simplified version given in the text is equivalent when oxygen
exceeds 1 £ 109 PAL. a, The solid line indicates modern marine net primary
productivity (N ¼ 3.75 £ 1015molO2 yr

21) and the dashed line indicates half
of the presentN value for comparison. The shaded area shows constraints on
iron deposition in BIFs before the Great Oxidation, which is taken as a proxy
for reductant input. The minimum rate of iron deposition in the Hamersley
BIF (2.69–2.44Gyr ago; ref. 23) was 5 £ 1011mol Fe yr21 and an upper bound
for contemporaneous global deposition was 3 £ 1012mol Fe yr21 (ref. 2),
hence 1.25 £ 1011 , r , 7.5 £ 1011mol O2 equiv. yr

21. The vertical grey line
shows the present hydrothermal input of Fe to the ocean: 3 £ 1011mol Fe yr21

(ref. 2), so r ¼ 7.5 £ 1010mol O2 equiv. yr
21. b, The solid line indicates the

present input of reduced iron to ocean, the dashed line indicates
r ¼ 3 £ 1010mol O2 equiv. yr

21, a possible value before the Great Oxidation.
Modern marine N is shown as a vertical grey line.
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system moves to its new steady state (Fig. 3b).
An alternative scenario is a small increase in N, and hence in

organic carbon burial, with no change in r (Fig. 3c). As the size of the
organic carbon reservoir adjusts, there is an oxygen source from
excess organic carbon burial over weathering. Oxygen rises suffi-
ciently to start ozone formation which causes the switch to high
oxygen. Methane concentration, and hence oxidation from hydrogen
escape, decreases transiently as the system adjusts. As a new steady
state is achieved, organic carbon burial is balanced by weathering,
atmospheric methane recovers and the net input of reductant is again
balanced by hydrogen escape (Fig. 3d). The 3% increase in organic
carbon burial assumed in this simulation would give a 0.23‰
increase in d13C carbonate (see Methods), which is less than the
noise in that record24. Thus the Great Oxidation could have been
triggered by a carbon cycle perturbation too small to be seen in the
carbon isotope record.

There were probably fluctuations in the organic carbon cycle of
this magnitude between the origin of oxygenic photosynthesis and
the Great Oxidation. The low-oxygen solution in the bistable region
resists perturbations poorly, so the transition to the high-oxygen
solution would be likely. This suggests that the system was in the
monostable low-oxygen region for most of this time and that the Great

Oxidation was triggered by a decrease in reductant moving the system
to the bistable region, followed by a small carbon cycle perturbation.

The bistability in oxygen describes a typical hysteresis loop (Fig. 2).
If the Great Oxidation was triggered by a small decrease in r, causing a
shift from the bistable lower branch to the monostable upper branch,
a much larger increase in r would have been needed to switch the
system back to the low-oxygen state. The transition from low to high
oxygen (Fig. 3) would take 150,000 years if forced only by decreasing
r, or 50,000 years with a carbon cycle perturbation, but the reverse
would take 3–7 million years, owing to the larger reservoir of oxygen
and smaller rate constant for methane oxidation, making high
oxygen more resistant to perturbation. This may explain why oxygen
never returned to Archean values after the Great Oxidation2.

Our model suggests an earlier rise of oxygen from prebiotic levels
of ,10212 PAL to the low-oxygen solution (Fig. 2). This occurred
when the oxygen source from the biosphere, equal to N in anoxic
conditions ðQO2

! 1Þ; exceeded r. This probably occurred directly
after the origin of oxygenic photosynthesis.

It has been argued that the Great Oxidation caused a large decline
in atmospheric methane concentration, leading to extreme glaciation
in the Palaeoproterozoic25,26. In transient runs of our model (see the
right panels of Fig. 3), there is a rapid decrease in methane
concentration by a factor of 2–6 while oxygen rises to the .1025

PAL threshold. The associated temperature drop is estimated to be 4–
9 8C (see Supplementary Information). This may well have been
sufficient to trigger extreme glaciation.

METHODS
Model structure. The model consists of a box representing the atmosphere and
ocean mixed layer, in which the number of moles of O2 (O) and CH4 (M) are
calculated, and a reservoir of organic carbon in the crust (C). Atmospheric gases
are assumed to be dissolved in the mixed layer to saturation. The molar
concentration of dissolved oxygen ½O� ¼ ða=mÞO where m ¼ 1.773 £ 1020 mol
is the number of moles in the present atmosphere and solubility is taken as
a ¼ 0.0013 M.
Reductant input. The net input of inorganic reductant to the system is set as a
boundary condition of r mol O2 equiv. yr21, and is represented chemically by
ferrous iron. It can include weathering of inorganic reductant in the crust and
direct input from the mantle. The deep ocean is assumed to be anoxic, so any
ferrous iron input here is taken to be transferred into the surface ocean. Anoxic
photosynthesis in the surface ocean uses this ferrous iron as an electron donor:

4Fe2þ þCO2 þ 11H2Oþ hv! 4FeðOHÞ3 þCH2Oþ 8Hþ ð7Þ

and the resulting Fe(OH)3 is precipitated as a BIF27. Hence reducing power is
transferred to organic carbon.
Marine biosphere. Oxygenic photosynthesis is represented by an assumed net
primary productivity of N mol O2 yr21, so the total organic carbon produced is
(N þ r). The fraction of this consumed by heterotrophic respirers is
g¼O=ðdg þOÞ, where dg ¼ 1:36£ 1019 mol, corresponding to the inhibition
of aerobic respiration at the Pasteur point, O2 < 0.01 PAL. The remaining
organic matter is decomposed by fermenters and acetogenic methanogens. The
fraction of the methane produced which is consumed by methanotrophs is
d ¼ O/(d d þ O), where d d ¼ 2.73 £ 1017 mol, equivalent to [O] ¼ 2 mM
(ref. 28). Thus the fraction of the oxygen and methane produced that reaches
the atmosphere is given QO2

¼ ð12 gÞð12 dÞ:
Atmospheric chemistry. Fitting the methane oxidation rate to the results of
detailed photochemical models, we obtainWM0.7, where M is the number of moles
of CH4, W¼ 10a1w

4þa2w
3þa3w

2þa4wþa5 ; w ¼ logO, a1 ¼ 0.0030, a2 ¼ 20.1655,
a3 ¼ 3.2305, a4 ¼ 225.8343 and a5 ¼ 71.5398, valid for 108 , O , 1020 mol.
This is derived in the Supplementary Information.
Hydrogen escape. Hydrogen escape to space is assumed to be diffusion limited,
and so directly proportional to the total hydrogen mixing ratio in the upper
atmosphere. With methane as the sole hydrogen-bearing species in our model,
hydrogen loss is proportional to methane abundance, with rate sM where
s ¼ 2.03 £ 1025 yr21 (ref. 10). Stoichiometrically, this is represented as10:

CH4 þ hn! 4Hð" spaceÞþC

CþO2 !CO2

CH4 þO2 þ hn! 4Hð" spaceÞþCO2

ð8Þ

This sink of methane and oxygen has a stoichiometric ratio of 1:1, but they are

Figure 3 | Transient response to step changes at 2.4Gyr ago representing
possible triggers of the Great Oxidation. a, Response of oxygen (solid line,
either scale) and methane (dashed line, right-hand scale) to a decrease in
reductant input r from 3 £ 1011 to 7.5 £ 1010mol O2 equiv. yr

21, inferred
from decreased BIF deposition2,23 with present N ¼ 3.75 £ 1015mol
O2 yr

21. There is no significant change in the amount of buried organic
carbon. b, Redox budget (boundary fluxes) of the surface system
corresponding to a. Hydrogen escape is shown as a solid black line, the net
change in the size of the organic carbon reservoir (burial minus weathering)
as a dashed line and reductant input as a dot-dashed line. The grey line is the
summation of these terms, the net oxidation rate of the surface system. The
integral of this (shaded) is the total oxidation of the system, 3 £ 1018mol,
which corresponds to the oxygen content of the atmosphere at the end of the
model run. c, Response of oxygen and methane to a 3% increase in N from
3.6375 £ 1015 to 3.75 £ 1015mol O2 yr

21 with constant r ¼ 3 £ 1011mol O2

equiv. yr21. In response, the amount of buried organic carbon increases by
3% over,500 million years after the Great Oxidation. As in a, the solid line
indicates the oxygen response, and the dashed line the methane response.
d, Redox budget of the surface system corresponding to c. The total
oxidation is 9 £ 1017mol. The grey line and shading are as in b. The right
panels expand the transitions shown in the left panels.
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produced in a ratio of 1:2, so hydrogen loss is a net source of oxidant. Water
vapour is not a strong source of hydrogen for loss to space because little is able to
pass the tropopause.
Crustal carbon cycle. Organic carbon burial is bðN þ rÞ, a fraction of the
organic carbon production. The rate of organic carbon weathering is wC, where
the bulk weathering rate, w ¼ 6 £ 1029 yr21, is set by analogy to present
conditions and C is crustal organic carbon. At high oxygen levels, weathered
material is oxidized directly. At low oxygen levels, oxidative weathering is
ineffective and we assume that exposed organic carbon is consumed by
organisms that transfer the reducing power to methane29, which is subsequently
oxidized in the atmosphere.
Model equations. The full algebraic derivation of our model is given in the
Supplementary Information. The model equations are:

dM

dt
¼

1

2
QO2

ðN þ rÞ2 sM2
1

2
WO2

M0:7 2
1

2
QO2

ðbðN þ rÞ2wCÞ ð9Þ

dO

dt
¼ QO2

N2 ð12QO2
Þr2 sM2WO2

M0:7 þð12QO2
ÞðbðN þ rÞ2wCÞ ð10Þ

dC

dt
¼ bðN þ rÞ2wC ð11Þ

Steady-state solutions are found by setting equations (9)–(11) to zero. Rearrang-
ing gives M ¼ r/s and C ¼ b(N þ r)/w. Oxygen is found as the roots of QO2

Nþ

ðQO2
2 2Þr2WO2

ðr=sÞ0:7 ¼ 0: When N .. r these simplify to C ¼ bN/w and
QO2

N2WO2
ðr=sÞ0:7 ¼ 0 (see Supplementary Information).

Carbon isotope calculations. The standard interpretation of the carbonate
carbon isotope record is f ¼ ðdcarb 2 diÞ=ðdcarb 2 dorgÞ where f is the fraction of
volcanic CO2 buried as organic carbon and d carb, d i and dorg are the d13C signals
of carbonate carbon, volcanic CO2 and organic carbon respectively. Typical
values30 are d carb ¼ 0‰, d i ¼ 26‰ and dorg ¼ 230‰, giving f ¼ 0.2. Our 3%
increase in organic carbon burial (Fig. 3d) would correspond to f ¼ 0.206 and
hence d carb ¼ 0.23‰.
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